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substantially enhances the downward diffusive flux of sulfide into the deep limnic deposits. During this downward 23 sulfidization, Fe oxides, Fe carbonates and Fe phosphates (e.g. vivianite) are converted to sulfide phases, leading to 24 an enrichment in solid phase S and the release of phosphate to the pore water. Below the sulfidization front, high 25 concentrations of dissolved ferrous Fe (Fe 2+ ) lead to sequestration of downward diffusing phosphate as authigenic 26 vivianite, resulting in a transient accumulation of total P directly below the sulfidization front. 27
Our model results further demonstrate that downward migrating sulfide becomes partly re-oxidized to sulfate due to 28 reactions with oxidized Fe minerals, fueling a cryptic S cycle and thus stimulating slow rates of sulfate-driven AOM 29 (~ 1 -100 pmol cm -3 d -1 ) in the sulfate-depleted limnic deposits. However, this process is unlikely to explain the 30 observed release of dissolved Fe 2+ below the SMTZ. Instead, we suggest that besides organoclastic Fe oxide 31 reduction and reactivation of less reactive Fe oxides by methanogens, AOM coupled to the reduction of Fe oxides 32 may also provide a possible mechanism for the high concentrations of Fe 2+ in the pore water at depth. Our results 33 reveal that methane plays a key role in the diagenetic alterations of Fe, S and P records in Black Sea sediments. The 34 downward sulfidization into the limnic deposits is enhanced through sulfate-driven AOM with sulfate and AOM with 2-reduction (SO 4 -AOM) was found to account for an estimated 7-18 % of total SO 4 2-reduction in 71 these sediments (Jørgensen et al., 2001 ). The production of sulfide in the sulfate-methane transition zone (SMTZ) as3 forming a distinct diagenetic sulfidization front recognized as a black band or a series of bands owing to the 75 conversion of Fe oxides to Fe sulfides (Berner, 1974; Jørgensen et al., 2004; Neretin et al., 2004) . 76
At present, the impact of the downward-migrating sulfidization front on sedimentary P, a key nutrient for marine 77 phytoplankton, and the potential role of Fe-mediated AOM in the deep limnic deposits remain largely unknown. A 78 buildup of ferrous Fe (Fe 2+ ) in the pore water at depth as found in previous studies (Holmkvist et In this study, we combine detailed geochemical analyses of the sediment and pore water with multicomponent 89 diagenetic modeling to study the diagenetic alterations below the lake-marine transition at two sites in the western 90 (Raiswell and Canfield, 2012) . Another 1 mL of pore water for 148 HPO 4 2-analysis was acidified with 4 µL 5 M HCl. Pore water SO 4 2-was analyzed with ion chromatography (IC) in a 149 10-fold diluted sample (0.15 mL of pore water with 1.35 mL of de-oxygenated UHQ water). Sub-samples for DIC 150 analysis (0.5 mL) were collected in glass vials (4.9 mL) to which 4.4 mL of 25 g/L NaCl solution was added, making 151 sure that no headspace remained. Aliquots of the remaining pore water were used for the measurement of alkalinity 152 (determined onboard by titrating 1 mL of untreated sub-sample with 0.01 M HCl; results presented in the 153
Supplementary Information only) and NH 4 + . All sub-samples were stored at 4 °C and brought to room temperature 154 just before analysis. Subsampling for sulfide was performed immediately after filtration and all other subsampling 155 was performed within 4 hours of core recovery. 156
Pore water sub-samples for HPO 4 2-, DIC and sulfide were directly analyzed colorimetrically onboard on two separate 157 QuAAtro (SEAL Analytical, Germany) auto analyzers. HPO 4 2-was measured at 880 nm after the formation of 158 molybdophosphate-complexes (Murphy and Riley, 1962) . Samples for DIC were acidified online after being 159 oxidized by H 2 O 2 and analyzed as described by Stoll et al. (2001) . To keep the dissolved sulfide in the non-volatile 160
HS
-form under alkaline conditions, 1.5 mL of 8 mM NaOH was added to the sulfide samples, which were 161 subsequently analyzed using the methylene blue method as described by Grasshoff (1969) . Sub-samples for 162 dissolved Fe and Mn were analyzed onshore by ICP-OES (Perkin Elmer Optima 3000 Inductively Coupled Plasma -163
Optimal Emission Spectroscopy). For the analysis of pore water CH 4 , a volume of 10 mL N 2 was injected into the 164 CH 4 serum flasks (while a needle inserted through the septum allowed 10 mL of water to escape) to create a 165 headspace from which a subsample was collected with a gas-tight syringe. Subsequently, CH 4 concentrations were 166 determined in the home laboratory after injection into a Thermo Finnigan Trace GC gas chromatograph (Flame 167 Ionization Detector). δ 13 C-CH 4 and δD-CH 4 (D, deuterium) were analyzed by Continuous Flow Isotope Ratio Mass 168 Spectrometry (CF-IRMS) as described in detail in (Brass and Röckmann, 2010) and (Sapart et al., 2011) . 169
2.3
Bulk sediment analysis 170 Sediment samples were freeze-dried, powdered and ground in an agate mortar in an argon (Ar)-filled glove box and 171 split into oxic and anoxic fractions. Samples from the oxic fraction were used for total elemental and organic carbon 172 (C org ) analyses under normal atmospheric conditions, whereas anoxic splits for sediment P and Fe speciation were 173 kept under an inert, oxygen-free Ar or N 2 atmosphere at all times to avoid oxidation artefacts (Kraal and Slomp, 174 2014; Kraal et al., 2009) . 175
Total elemental composition and organic carbon 176
A split of ~ 125 mg of freeze-dried sediment was dissolved overnight in 2.5 mL HF (40 %) and 2.5 mL of 177 HClO 4 /HNO 3 mixture, in a closed Teflon bomb at 90 °C. The acids were then evaporated at 160 °C and the resulting 178 gel was dissolved overnight in 1 M HNO 3 at 90 °C. Total elemental concentrations in the 1 M HNO 3 solutions were 179 determined by ICP-OES. A second split of 0.3 g freeze-dried sediment was used to determine the C org content using 180 an elemental analyzer (Fison Instruments model NA 1500 NCS) after carbonate removal from the sediment with two 181 washes with 1 M HCl (4 h and 12 h) followed by two washes with UHQ water and subsequent drying of the samples 182 (Van Santvoort et al., 2002) . 183
Sediment P fractionation 184
To determine the solid phase partitioning of P, aliquots of 0.1 g dried sediment were subjected to the SEDEX 185 sequential extraction procedure after Ruttenberg (1992) , as modified by Slomp et al. (1996b) , but including the first 186 MgCl 2 step (Table 1) . Sediment P was fractionated as follows: i) exchangeable-P ("P exch ", extracted by 1 M MgCl 2 , 187 pH 8, 0.5 h), ii) Fe-associated P ("P Fe ", extracted by citrate-bicarbonate-dithionite (CDB), buffered to pH 7.5 with Na 188 citrate/Na bicarbonate, 8 h, followed by 1 M MgCl 2 , pH 8, 0.5 h), iii) authigenic Ca-P ("P authi Ca-P ", including 189 carbonate fluorapatite, biogenic hydroxyapatite and CaCO 3 -bound P, extracted by 1 M Na acetate solution, buffered 190 to pH 4 with acetic acid, 6 h, followed by 1 M MgCl 2 , pH 8, 0.5 h), iv) detrital Ca-P ("P detr ", extracted by 1 M HCl, 191 24 h) and v) organic P ("P org ", after ashing at 550 °C for 2 h, extracted by 1 M HCl, 24 h). The MgCl 2 washes in 192 steps ii and iii were to ensure that any HPO 4 2-re-adsorbed during CDB or acetate extraction was removed and 193 included in the pools of Fe-associated P and authigenic Ca-P, respectively. Sediments were shielded from oxygen 194 inside an Ar-filled glovebox until step 3 of the SEDEX procedure to eliminate the potential conversion of Ca-P to 195 ("Fe(II) CDB ", Na-dithionite buffer, pH 4.8, 4 h) and from pyrite ("Fe pyrite ", concentrated nitric acid, 2 h), for all 209 multicores as well as for the long core at site 4 (Table 1) . 210 sequentially determine the amount of FeS (acid volatile sulfur, "AVS", using 6 M HCl) and FeS 2 (chromium 212 reducible sulfur, "CRS", using acidic chromous chloride solution) via the passive diffusion method described by 213 (Burton et al., 2008) (Berner, 1980) . A total of 25 221 different chemical species (Table 2) were subjected to a suite of biogeochemical reactions (Table 3 ) and vertical 222 transport through burial, as well as molecular diffusion for dissolved species (Boudreau, 1997; Soetaert et al., 1996 ; 223 Wang and Van Cappellen, 1996) . The general diagenetic equations for solid (Eq. (1)) and dissolved species (Eq. (2)) 224 are, respectively, 225
where ! is the concentration of the solid species (mol L -1 ; mass per unit volume of solids), !" the concentration of 228 the dissolved species (mol L -1 ; mass per unit volume of pore water), t is time (yr), the sediment porosity, x the 229 distance from the sediment-water interface (cm), ! the diffusion coefficients of dissolved species in the sediment 230 (cm 2 yr -1 ) adjusted for the considered setting (Supplementary Table S1 ) (Boudreau, 1997) and corrected for the 231 tortuosity in the porous medium (Boudreau, 1996 ) (see Supplementary Information).
! and !" are the net 232 reaction rates of the solid and dissolved species from the chemical reactions they participate in (Table 3) , and and 233 the advective velocities (cm yr -1 ) of the solid and the dissolved species, respectively. Porosity and advective 234 8 phases. For the Fe oxides, only the α phase is used by organoclastic Fe reduction (Table 3) , while the β phase is also 246 used by Fe-AOM. This assumption was made to test whether the pore water and sediment profiles observed in the 247 Black Sea can be reproduced with Fe-AOM as the main Fe reduction pathway at depth. In addition, it allows an 248 assessment of the potential impact of Fe-AOM on sedimentary CH 4 cycling. Note that, as a consequence of the 249 exclusion of organoclastic Fe reduction at depth, the model results should not be interpreted as proof for Fe-AOM 250 but rather imply that it is a possible mechanism. 251
The succession of oxidants during organic matter decomposition (Froelich et al., 1979 ) is described by means of 252
Monod kinetics (Table 4) (Table 2) , combined in a network of various biogeochemical reactions 263 (Table 3 ). The CH 4 cycle includes CH 4 production from organic matter and from DIC (i.e. CO 2 ), as well as CH 4 264 oxidation coupled to the reduction of O 2 , SO 4 2-and Fe(OH) 3 (Table 3 ). For AOM a bimolecular rate equation was 265 used (Table 4) , which is the most common way to parameterize AOM in reactive transport models (Regnier et al., 266 2011) and allows the use of largely unknown half-saturation constants, in particular for the putative Fe-AOM 267 pathway, to be avoided. Although Mn-oxides have also been suggested to be a thermodynamically favorable electron 268 acceptor for AOM (Beal et The P forms included in the model are pore water HPO 4 2-, authigenic Ca-P, organic P and detrital P, as well as Fe-272 bound P, i.e. P associated with Fe oxides and P in vivianite ( Table 2 ). The removal of dissolved Fe 2+ through 273 formation of the Fe minerals FeS, siderite (FeCO 3 ) and vivianite is also included in the model (Table 3) . Mass 274 balances for all chemical species included in the model are given in Supplementary Table S2 . 275
The boundary conditions at the sediment surface were specified as time-dependent depositional fluxes for the 276 particulate components and as fixed bottom water concentrations for the dissolved species, while a zero gradient 277 boundary condition was set for all chemical species at the base of the model domain ( Fig. 2 and Supplementary 278 Table S3 ). To avoid potential interferences of the lower boundary conditions with the model results in the upper 279 sediments (see Supplementary Fig. S6 ), the model depth was set to 3000 cm and divided into 500 grid cells. The 280 thickness of the upper layer was set at 1 cm, and the thickness of the following grid layers increased exponentially to9 set of ordinary differential equations was subsequently solved numerically with the lsoda integrator algorithm 286 (Hindmarsh, 1983; Petzoldt, 1983 ) 287
Transient scenario 288
The model applied in this study simulates the sediment deposition during the last 25000 years. A constant mass 289 accumulation rate of 0.06 g cm -2 yr -1 over the Holocene was assumed. In order to reduce the computing time for the 290 freshwater period, a higher mass accumulation rate of 1 g cm -2 yr -1 was used between 25000 and 10000 years before 291 present (B.P.) and all fluxes were corrected accordingly (i.e. multiplied with a factor of 16.67). Inflow of 292
Mediterranean saltwater into the Black Sea basin was modelled assuming an initial salinity of 1 for the freshwater 293 lake and a linear increase to a salinity of 22 between 8500 and 1500 years B.P. (Fig. 2) . Such a salinization scenario 294 results in a good fit to the chloride (Cl -) profile ( Table S1 ). A shift 298 from oxic towards euxinic conditions around 7600 years B.P., with a peak in organic matter loading around 5300 299 years B.P. and constant elevated organic matter fluxes after 2700 years B.P. was assumed, following a recent study 300 comprising data from seven sediment cores collected from the Black Sea (Eckert et al., 2013) ( 
Pore water profiles 307
Pore water profiles of SO 4 2-show a linear decrease from ~ 17 mM at the sediment water interface to a depth of ~ 230 308 cm at both sites, below which CH 4 starts to accumulate in the pore water (Fig. 3) . Bubble formation and degassing of 309 Fig. S5 ). 319
The SMTZ is located around 230 cm depth in the sediment and is characterized by the removal of both pore water 320 SO 4 2-and dissolved CH 4 . In this zone, SO 4 -AOM drives the production of dissolved sulfide, DIC and alkalinity 321 ( Supplementary Fig. S5 ) and diffusion of these pore water constituents away from the SMTZ (Fig. 3) . Below the 322 sulfide diffusion front, Fe 2+ accumulates in the pore water. Dissolved HPO 4 2-reaches a maximum around the depth 323 where sulfide levels drop below the detection limit of 1 µmol L -1 , followed by a steep decrease with depth. 324
Concentrations of pore water Mn 2+ are more than an order of magnitude lower than those of dissolved Fe 2+ , and 325 decrease from the sediment surface until ~ 200 cm depth, below which they slightly increase again (Supplementary 326 Fig. S5) . 327
The smooth pore water profiles of δ 13 C-CH 4 and δD-CH 4 suggest that the isotopic composition of pore water CH 4 328 (available for site 5 only) is less affected by the CH 4 loss and reveals a biological origin in the limnic deposits, with 329 hydrogenotrophic carbonate reduction, i.e. microbial reduction of CO 2 to CH 4 as the main methanogenic pathway for 330 the range of CH 4 isotope ratios observed in these sediments (Fig. 4) (Whiticar, 1999) . Upward diffusing CH 4 shows a 331 gradual depletion in δ 13 C-CH 4 from ~ -74 ‰ at depth to ~ -96 ‰ around the SMTZ, followed by subsequent 332 progressive 13 C enrichment towards the sediment surface. δD-CH 4 shows a small enrichment from -226 ‰ at depth 333 to ~ -208 ‰ at the SMTZ and a strong shift towards high δD-CH 4 values of up to ~ 113 ‰. 334
Solid phase profiles 335
A pronounced excursion in sedimentary C org at site 4 in combination with a shift from gray clay deposits to micro-336 laminated black sediments indicates that the lake-marine transition, i.e. the transition between the marine sapropel 337
Unit II and the deep limnic sediments of Unit III (Arthur and Dean, 1998; Degens and Ross, 1974), is located around 338 a sediment depth of ~ 90 cm at site 4 (Fig. 5) . At site 5, Unit I and Unit II were lost due to a turbidite, explaining the 339 low concentrations of C org in the upper sediments. 340
Concentrations of solid S increase with decreasing depth from 20 µmol g -1 below 300 cm (sulfidization front) to ~ 341 400 µmol g -1 in the upper 100 cm at both sites and are dominated by FeS 2 (Fig. 5) . Iron oxides show a decrease from 342 ~ 100 µmol g -1 at depth to ~ 50 µmol g -1 in the sediments between 100 -300 cm and a further decrease to ~ 10 µmol 343 g -1 closer to the sediment surface. Amorphous Fe oxides (Fe ox1 ) and more crystalline oxides (Fe ox2 ) both account for 344 half the total amount of Fe oxides, with a small contribution of recalcitrant oxides (Fe mag ) ( Supplementary Fig. S4 ). 345
The results from the two different Fe extractions applied in this study (Table 1) Units I and II show high concentrations of organic P, which accounts for ~ 30 % of total P in these sediments (Fig.  355 5). Low organic P and high concentrations of detrital P in the upper sediments at site 5 are due to the turbidite. The 356 limnic deposits of Unit III are generally depleted in organic P (< 6 % of total P) and enriched in detrital P. 357
Authigenic Ca-P shows little variation in the sediments of Unit III, accounting for ~ 20 to 30 % of total P at the two 358 sites. The contribution of Fe-associated P, on the other hand, is reduced in the limnic deposits of Unit III exposed to 359 the downward diffusing sulfide (~ 20 %) when compared to the sediments below the sulfidization front (~ 30 %). 360
Concentrations of exchangeable P are < 2 µmol g -1 for sediments above the SMTZ and < 1 µmol g -1 for sediments at 361 depth (data not shown). 
Temporal evolution 372
The temporal evolution in pore water and solid phase constituents illustrates the impact of the lake-marine transition 373 on the sediment geochemistry (Fig. 7) . Concentrations of pore water Cl close to the sediment surface (~ 7 to 18 %) (Jørgensen et al., 2001 (Jørgensen et al., , 2004 . Around the SMTZ, SO 4 -AOM is 418 responsible for ~ 97 % of the total SO 4 2-reduction ( Fig. 6 and Table 6 ), thus enhancing the downward diffusive flux 419 of sulfide into the deep limnic deposits of Unit III. Our model suggests that without this additional source of sulfide 420 through SO 4 -AOM, the sulfidization front would currently be located around 150 cm depth in the sediment (Fig. 8) .
13
The consumption of upward diffusing CH 4 by SO 4 2--driven AOM leads to a progressive enrichment of 13 C and D in 422 the residual CH 4 above the SMTZ (Fig. 4) Modeled concentrations of CH 4 indicate that the measurements above the sulfidization front at site 5 are likely less 428 affected by outgassing during core recovery (Fig. 4) and can thus be used to derive kinetic isotope fractionation 429 factors for carbon (ε C ) and hydrogen (ε H ) associated with SO 4 -AOM at the SMTZ using the Our model results suggest slow rates of ongoing SO 4 2-reduction of < 0.2 nmol cm -3 d -1 (Fig. 6 ) within the limnic 452 deposits below the SMTZ exposed to dissolved sulfide (Table 6) reduction. In the model, S 0 disproportionation is the only potential source of pore water SO 4 2-at depth (Table 3) . 457 oxides, explaining the distinct S 0 disproportionation peak of ~ 15 pmol cm -3 d -1 around the sulfidization front (Fig. 6) . 459
Thus, based on the model assumptions, we conclude that Fe oxides increase the transformation of sulfide to SO 4 2-via 460 formation and subsequent disproportionation of S 0 in these sediments, as suggested previously (Holmkvist et 
Fe reduction below the sulfidization front 467
Below the sulfidization front, Fe 2+ starts to accumulate in the pore water (Fig. 3) . Although previous studies have 468 also reported an increase of dissolved Fe 2+ around the depth where sulfide levels drop below the detection limit 469 sediment depth during the Lake phase (Fig. 8) . We therefore conclude that the high concentrations of dissolved Fe 
Fe reduction through cryptic S cycling 478
In theory, a cryptic S cycle, as described in section 4.1.3, could result in net accumulation of dissolved Fe 2+ if the 479 sulfide consumption from reaction with ferric Fe outweighs the production of sulfide from SO 4 2-reduction. Modeled 480 Fe 2+ indeed shows a peak of < 100 µM directly below the sulfidization front, assuming no active Fe reduction in the 481 limnic deposits (Fig. 8) . Model simulations further indicate that, based on the reaction network used in this study 482 (Table 3) , cryptic S cycling could result in a build up of pore water Fe 2+ of ~ 300 µM at depth in the sediment 483 provided there was no precipitation of reduced Fe(II) minerals (Supplementary Fig S2) . However, concentrations of 484 dissolved Fe 2+ are too low compared to the measurements and confined to sediments between 300 -400 cm depths 485
only. The diagenetic model developed in this study therefore suggests that cryptic S cycling is unlikely to explain the 486 high concentrations (~ 800 µM) of dissolved Fe 2+ observed in the deep limnic deposits. 487
Organoclastic Fe reduction 488
In the model, the reduction of Fe oxides coupled to organic matter degradation only occurs with the easily reduciblebeing buried into the deep sediments in the diagenetic model. Organoclastic Fe reduction therefore does not occur 492 within the modeled deep limnic deposits that exclusively contain more crystalline (β) and refractory (γ) Fe oxides 493 (Fig. 5) . Instead, we assume that CH 4 
Fe-AOM 524
Our model results indicate that Fe-AOM could also be a possible mechanism explaining the buildup of pore water 525 Fe 2+ below the sulfidization front. Previous studies have shown that in systems where production and oxidation of 526 CH 4 take place concurrently, methanogenesis might conceal the isotopic signature of AOM (Egger et al., 2015b ; 527 isotopic composition of pore water CH 4 due to the removal of small amounts of CH 4 in sediments with ongoing 529 methanogenesis. This might explain why pore water CH 4 does not show enrichment in both heavy isotopes below the 530 sulfidization front as would be expected if Fe-AOM would occur, but rather indicates antipathetic changes, i.e. 531 depletion in 13 C-CH 4 and enrichment in D-CH 4 , usually attributed to CH 4 production from carbonate reduction 532 (Chanton et al., 2005; Whiticar, 1999) . 533
Model derived rates for Fe-AOM of ~ 0.04 pmol cm -3 d -1 (Fig. 6) of Fe-AOM rates derived from stimulated microbial communities under laboratory conditions using freshly 537 synthesized and thus easily bioavailable Fe oxides when compared to in-situ conditions. 538
In the upper 800 cm of sediment, Fe-AOM accounts for < 1 % of total CH 4 oxidation, with the remaining > 99 % 539 attributed to SO 4 -AOM (Table 6 ; see also Supplementary Fig. S2 ). However, while high rates of SO 4 -AOM are 540 mainly restricted to the SMTZ, Fe-AOM might occur over a deep methanogenic zone, reaching far down into the 541 sediment. To accurately assess the contribution of Fe-AOM to the total CH 4 consumption in Black Sea sediments, 542 additional knowledge about the vertical expansion of the Fe oxide-rich limnic sediments deposited during the Blake 543 Sea "Lake" phase would be required. 544
Impact of S-Fe-CH 4 dynamics on sedimentary P diagenesis 545
Degradation of organic matter and the subsequent release of HPO 4 2-to the pore water during early diagenesis 546 typically results in a sink-switching from organic P to authigenic P-bearing phases such as Ca phosphates (Filippelli, as the sulfidization front moves downward into the limnic deposits (Fig. 7) . 553
The pore water profile of HPO 4 2- (Fig. 3) indicates the presence of a sink for HPO 4 2-below the sulfidization front 554 and, to a lesser extent, in the sulfidic sediments around the SMTZ, likely unrelated to Ca-P authigenesis (Fig. 5) . 2+ and a peak in Fe-558 associated P below the sulfidization front observed in this study (Fig. 3 and Fig. 5 ) suggest that vivianite authigenesis 559 might also be occurring in the limnic deposits below the sulfidzation front in Black Sea sediments. 560
Assuming that vivianite formation represents the only sink for pore water HPO 4 2-results in a good fit between the 561 modeled and measured pore water profile of HPO 4 2-below the sulfidization front (Fig. 3) . Modeled vivianiteunderestimates the sharp peak in Fe-associated P directly below the sulfidization front, suggesting that modeled 564 vivianite formation likely underestimates the actual contribution of vivianite in these sediments. In the limnic 565
deposits not yet impacted by the downward sulfidization, modeled vivianite accounts for ~ 20 -30 % of total Fe-566 associated P. From this, we estimate that vivianite may be responsible for > 20 % of total P burial directly below the 567 sulfidization front and for ~ 10 % of total P burial in the deep limnic deposits at depth. 568
Running the model without Fe-AOM and thus without Fe reduction at depth results in modeled pore water HPO 4 2-569 concentrations of up to ~ 350 µM at depth in the sediment (Fig. 8) . This suggests that Fe-AOM can promote 570 conditions that allow sequestration of a significant proportion of P as vivianite in the limnic deposits below the 571 sulfidization front. Consistent with earlier findings, Fe-AOM likely only accounts for a small fraction of total CH 4 572 oxidation, but may substantially impact the biogeochemical cycling of sedimentary P (Egger et al., 2015a (Egger et al., , 2015b ; 573 Rooze et al., 2016) . 574
The deviation between the modeled and measured profiles of HPO 4 2-and Fe-associated P in the upper 300 cm of 575 sediment ( Fig. 3 and Fig. 5 ) could indicate apatite authigenesis (Dijkstra et al., 2014) or the formation of vivianite in 576 microenvironments as previously suggested for sulfidic sediments (Dijkstra et al., 2014; Jilbert and Slomp, 2013) . 577
For example, Deltaproteobacteria, known to be involved in SO 4 -AOM, have been shown to accumulate Fe-and P-578 rich inclusions in their cells (Milucka et al., 2012) . They may therefore provide a potential explanation for the 579 occurrence of Fe-associated P in sulfidic sediments (Dijkstra et al., 2014; Jilbert and Slomp, 2013) . However, such 580 microenvironments are not captured in our model. 581
In the diagenetic model, vivianite undergoes dissolution if sulfide is present in the pore waters (Table 3) . Sulfide-582 induced vivianite dissolution significantly improved the model fit to the measured HPO 4 2 and sulfide data. With the 583 downward migration of dissolved sulfide, modeled vivianite becomes increasingly enriched below the sulfidization 584 front (Fig. 7) . Thus, similar to the sulfidization front, a downward diffusive vivianite front may exist in sedimentary 585 systems experiencing downward sulfidzation. 586
In summary, the enhanced downward sulfidization driven by SO 4 -AOM leads to dissolution of Fe oxide-bound P in 587 the lake deposits. Below the sulfidization front, downward diffusing HPO 4 2-is bound again in authigenic vivianite 588 due to high concentrations of dissolved Fe 2+ at depth in the sediment generated by ongoing Fe oxide reduction. As a 589 result, trends in total P with depth are significantly altered, showing an accumulation in total P below the 590 sulfidization front unrelated to changes in organic matter deposition and enhanced sedimentary P burial during 591 deposition. 592
5.
Conclusions 593
In the Black Sea, the shift from a freshwater lake to a marine system and subsequent downward diffusion of marine 594 SO 4 2-into the CH 4 -bearing lake sediments results in a multitude of diagenetic reactions around the SMTZ (Fig. 9) . 595
The diagenetic model developed in this study shows that SO 4 -AOM within the SMTZ significantly enhances the 596 downward diffusive flux of sulfide into the deep limnic deposits, forming a distinct diagenetic sulfidization front 597 around 300 cm depth in the sediment. Our results indicate that without this additional source of dissolved sulfide in 598 the SMTZ, the current sulfidization front would be located around a depth of 150 cm. During the downward 599 solid phase S contents and the release of HPO 4 2-to the pore water. Our results further support the hypothesis that part 601 of the downward migrating sulfide is re-oxidized to SO 4 2-upon reaction with ferric Fe minerals, fueling a cryptic S 602 cycle and thus stimulating slow rates (~ 1-100 pmol cm -3 d -1 ) of SO 4 -AOM in the SO 4 2--depleted limnic deposits 603 below the SMTZ (Holmkvist et al., 2011a (Holmkvist et al., , 2011b Knab et al., 2009; Leloup et al., 2007) . 604
We propose that besides organoclastic Fe oxide reduction and reactivation of less reactive Fe oxides by 605 methanogens, AOM coupled to the reduction of Fe oxides may also be a possible mechanism explaining the high 606 concentrations of Fe 2+ in the pore water below the sulfidization front. The buildup of dissolved Fe 2+ at depth creates 607 conditions that allow sequestration of the downward diffusing HPO 4 2-as authigenic vivianite, resulting in an 608 accumulation of total P in these sediments. 609
The diagenetic processes described here reveal that AOM may strongly overprint burial records of Fe, S and P in 610 depositional marine systems subject to changes in organic matter loading or water column salinity such as coastal 611 II. Calculations from mathematical models, Geomicrobiol. J., 1, 29-51, 737 Table 1 . Overview of the sequential P, Fe and S fractionation methods used in this study.
918
Step and code Extractant, extraction time Target 
Secondary redox and other reaction equations † 
Primary redox reaction equations
Secondary redox and other reaction equations
938 Table 3 . Note that in this study, Fe-AOM (R20) was assumed as the main source of pore geochemical data, we cannot exclude a potential role for organoclastic Fe reduction (R3) and/or reactivation of less
